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Background
The eastern Snake River Plain (ESRP) in southern Idaho covers an area of approximately 
28,000 km2 (Morse and McCurry 2002), and is a prime target for geothermal exploration 
due to high geothermal gradients (Blackwell 1989). Heat flow in excess of 100 mW/m2 
has been documented in the area (Blackwell and Richards 2004). This high heat flow is 
associated with the Yellowstone hotspot, which developed from a mantle plume (Smith 
et al. 2009). The hotspot was stationary as the North American plate moved southwest 
over it at a rate of about 2.5 cm/year (Smith and Braile 1994).

The ESRP is home to the Snake River Plain aquifer (SRPA), which is hosted primar-
ily in basalt (Welhan et al. 2002a, b). The majority of these basalts are olivine, tholeiite 
pahoehoe flows (Greeley 1982; Leeman 1982; Kuntz et al. 1992) with chemical composi-
tions similar to Hawaiian basalts. The bulk of the volcanic vents are clustered around the 
axis of the ESRP (Kuntz et al. 1992; Smith 2004).
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A 1912-m exploration corehole was drilled along the axis of the eastern Snake River 
Plain, Idaho. Two temperature logs run on the corehole display an obvious inflec-
tion point at about 960 m. Such behavior is indicative of downward fluid flow in the 
wellbore. The geothermal gradient above 935 m is 4.5 °C/km, while the gradient is 
72–75 °C/km from 980 to 1440 m. Projecting the higher gradients upward to where 
they intersect the lower gradient on the temperature logs places the bottom of the 
cold, freshwater Snake River Plain aquifer, which suppresses the geothermal gradient at 
this location, at least 860 m below the surface. The average heat flow for the core-
hole between 983 and 1550 m is 132 mW/m2. Although the maximum bottom-hole 
temperature extrapolated from a measured time–temperature curve was only 59.3 °C, 
geothermometers suggest an equilibrium temperature on the order of 125–140 °C 
based on a single fluid sample from 1070 m. Furthermore, below 960 m the basalt core 
shows obvious signs of alteration, including a distinct color change, the formation 
of smectite clay, and the presence of secondary minerals filling vesicles and fracture 
zones. This alteration boundary could act as an effective cap or seal for a hot-water 
geothermal system.

Keywords: Corehole, Temperature log, Geothermometers, Basalt, X-ray diffraction

Open Access

© The Author(s) 2017. This article is distributed under the terms of the Creative Commons Attribution 4.0 International License 
(http://creativecommons.org/licenses/by/4.0/), which permits unrestricted use, distribution, and reproduction in any medium, 
provided you give appropriate credit to the original author(s) and the source, provide a link to the Creative Commons license, and 
indicate if changes were made.

RESEARCH

Lachmar et al. Geotherm Energy  (2017) 5:28 
https://doi.org/10.1186/s40517‑017‑0086‑8

*Correspondence:  tom.
lachmar@gmail.com 
1 Department of Geology, 
Utah State University, Logan, 
UT 84322-4505, USA
Full list of author information 
is available at the end of the 
article

http://creativecommons.org/licenses/by/4.0/
http://crossmark.crossref.org/dialog/?doi=10.1186/s40517-017-0086-8&domain=pdf


Page 2 of 16Lachmar et al. Geotherm Energy  (2017) 5:28 

The SRPA is one of the most productive aquifers in the United States (US Geologi-
cal Survey 1985). The Big Lost River is one of the contributors of recharge to the aqui-
fer (McLing 1994; Orr 1997). However, it is only believed to contribute about 4% of the 
water input to the system (Ackerman et al. 2010). According to Garabedian (1992), sur-
face-water irrigation is by far the largest contributor, followed by tributary underflow, 
precipitation, and losses from the Snake River, streams and canals. Discharge from the 
aquifer is predominantly from irrigation pumping and flow from springs (Mann and 
Knobel 1990). The average annual discharge at Thousand Springs near Hagerman, Idaho 
ranges from 3662 million m3 in 1904 to a high of 6091 million m3 in 1951 (Bartholomay 
et al. 2017). Water temperatures range from 6  °C in the northeast to 16  °C at the dis-
charge zone at Hagerman in the southwest (Smith 2004).

Much of the information about the SRPA comes from the Idaho National Laboratory 
(INL), which is located on the northeastern edge of the aquifer. However, US Geological 
Survey (USGS) publications provide more inclusive information on the entire ESRPA. 
The depth to water has been measured from 60 to 270 m below the surface (Ackerman 
1991; Knobel et al. 1992). The base of the aquifer has been penetrated in eight deep wells 
on the INL site, with a depth ranging from 200 to 550 m based on temperature inflec-
tions (Smith 2004). The onset of low-temperature alteration identified at the base of the 
aquifer is thought to control aquifer thickness, and may itself be controlled by thermal 
flux from below (Morse and McCurry 2002).

A 1912-m geothermal exploration corehole was drilled along the axis of the ESRP near 
Kimama, approximately 33 km north of Burley, Idaho (Fig. 1). This well, which was cored 
from 12 m to total depth, is the only deep well in the central SRP to penetrate the base 
of the aquifer (Shervais et al. 2013, 2014). The Kimama corehole was drilled to establish 
the nature and thermal history of the central and eastern SRP, and to further the under-
standing of geothermal systems in southern Idaho (Nielson et al. 2012). Understanding 
the thermal history can help assess the geothermal energy potential and future needs of 
geothermal exploration in the ESRP.

Fig. 1 Project location map. The Kimama drill site is marked with a red star (Adapted from Link et al. (2007))
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Methods
The drilling was done by Drilling, Observation, and Sampling of Earth’s Continental 
Crust (DOSECC), a non-profit organization that works in concert with the International 
Continental Drilling Program (ICDP) on scientific drilling projects such as this one. 
DOSECC drilled the corehole with an Atlas-Copco CS4002 drilling rig. Drilling com-
menced on 27 September 2010 and continued through 27 January 2011, when a total 
depth (TD) of 1912.5  m had been reached (Delahunty et  al. 2012). A steel liner was 
inserted into the well and left to equilibrate for 4 months prior to temperature logging. A 
separated joint in the liner prevented logging below a depth of 1440 m.

Core logging

Lithologic logging took place as soon as the core reached the surface. Field lithologic 
logging consisted of washing, measuring, writing a physical description, photographing, 
and boxing the core. Once boxed, the core was transported offsite for detailed descrip-
tion using the ICDP’s Drilling Information System (DIS). The hole was drilled almost 
entirely through basalt, with thin (2–20 m thick) loess horizons in the upper 365 m and 
two thick sections of clastic sediments (50–61 m thick) in the lower 200 m. Over 550 
basalt flow units were identified (Potter et al. 2011).

Temperature logging

The maximum bottom-hole temperature (BHT) was measured while drilling by 
DOSECC using a tool that was stored on the top of the core barrel. The core barrel was 
left on the bottom of the hole for 30 min, and circulation of drilling fluid was halted to 
minimize disturbances in the hole (Nielson et al. 2012). The resulting time–temperature 
curves were used to extrapolate to equilibrium temperatures using the F(α, τ) method 
(Harris and Chapman 2007). The temperature was measured 25 times, at depths of 520, 
660, 700, 731, 937, 1014, 1035, 1059, 1084, 1120, 1139, 1169, 1185, 1221, 1282, 1322, 
1364, 1397, 1443, 1492, 1538, 1556, 1586, 1610, and 1824 m (Fig. 2).

Temperature logs were run by the Southern Methodist University (SMU) Geothermal 
Research Laboratory and the Operational Support Group (OSG) from Helmholtz Cen-
tre Potsdam, GeoForschungsZentrum (GFZ), German Research Centre for Geosciences. 
SMU and OSG used wireline logging tools to record the temperature profile in the well. 
The SMU tool recorded temperatures while running the tool into the well, and the data 
had to be downloaded to a computer after the tool had been retrieved from the well. The 
OSG tool gave live readings and recorded the temperature while pulling the tool out of 
the hole. The SMU log was acquired on 4 May 2011, while the OSG log was acquired 
sometime between 29 June and 4 July 2011. Unfortunately, as stated previously, the SMU 
tool was only able to log to a depth of 1440 m due to a separated joint in the steel liner, 
while the OSG tool was only able to log to a depth of 1220 m due to subsequent blockage 
by some unknown cause.

In addition to the temperature log, SMU measured thermal conductivity using the 
divided-bar method at their Geothermal Laboratory. A detailed explanation of the pro-
cedure and tools used is given in Blackwell and Spafford (1987) and is described briefly 
here. One-inch (2.54 cm) diameter sample plugs from the intervals chosen were col-
lected from the Kimama core and sent to SMU. There, samples were cut to approximately 
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1.5  in. (3.81 cm) in height, and the tops and bottoms were smoothed to insure proper 
coupling with the divided-bar apparatus (DBA). Samples were then saturated with water 
under pressure for 8–12 h. Once saturated, samples were put into the DBA at approxi-
mately 400 psi (2760 kPa) with a constant temperature of 25 °C on top and 15 °C on the 
bottom, forcing a heat flux within the sample. Samples stayed within the DBA until they 
reached thermal equilibrium, at which point relative thermal conductivity was measured 
and absolute conductivity was calculated through comparison to standard thermal con-
ductivity samples. Samples were not corrected to in situ conditions because the in situ 
pressure and temperature impact would be minor and likely within measurement error.

Water sampling

The GFZ fluid sampler is a positive displacement system which allows controlled sam-
pling without sudden decompression or degassing. It can take one sample (0.6 L) at a 
time. OSG made several attempts to retrieve water plus gas samples from the corehole, 
but the sampler refused to work properly and only one water sample with no gas phase 
was collected on 3 July 2011. Due to blockage in the hole, the sampler was not able to 
get deeper than approximately 1220 m, and the single sample was obtained from only 
1070 m.

A water sample was also collected from a shallow, water-supply well nearby. This well 
was drilled into the SRPA to a TD of about 90  m. There was an electric, submersible 
pump in this well, and the sample was taken directly from the spigot. In addition, water 
samples were collected from shallower parts of the corehole as well as from the water-
supply well by the USGS (Twining and Barholomay 2011).

Fig. 2 Temperature logs: a SMU, OSG, and DOSECC BHT temperature data, thermal conductivity measure-
ments, and derived gradient, and b generalized lithologic log (Adapted from Shervais et al. (2012, 2013))
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Water chemistry

The two water samples were analyzed in the field for temperature, electrical conductiv-
ity (EC), pH, and alkalinity. The water samples were analyzed for major and trace ions 
by ICP (inductively coupled plasma) at the Utah State University Analytical Laboratory 
(USUAL). Chloride concentrations were determined using a Lachat flow injector ana-
lyzer, which is an automated colorimeter. The water samples were also analyzed for the 
stable isotope ratios of deuterium to hydrogen and 18O to 16O by the Stable Isotope Ratio 
Facility for Environmental Research (SIRFER) at the University of Utah.

X‑ray diffraction

Twenty-two randomly oriented whole-rock sample powders obtained from core were 
analyzed for clay content and composition using X-ray diffraction from depths of 155, 
305, 458, 610, 763, 914, 917, 933, 961, 963, 969, 970, 972, 995, 1005, 1038, 1068, 1221, 
1372, 1524, 1676, and 1829 m. In addition, clay separates were analyzed in nine addi-
tional samples from the depths of 1042, 1084, 1234, 1311, 1396, 1471, 1676, 1798, and 
1829  m. X-ray diffraction analyses were carried out at Utah State University using a 
Panalytical X’pert Pro X-ray diffraction spectrometer with CuKα radiation at 45 kV and 
40 mA. The clay separates were processed in three stages using standard clay identifica-
tion procedures: air dried, glycolated, and heated at 500 °C for 2 h.

Four samples were also analyzed at Vassar College using a Siemens D-5000 theta:2-
theta diffractometer at 40 kV and 30 mA. Clay mineral modeling was completed using 
the NEWMOD software, 1985 version. NEWMOD is a computer program for the calcu-
lation of one-dimensional diffraction patterns of mixed-layered clays.

Results
Geothermal gradients

The maximum BHT was acquired from the DOSECC temperature tool. This tool lies 
in the core barrel, and thus does not log continuously. However, it was necessary to use 
this tool throughout the drilling operation because the Idaho Department of Water 
Resources (IDWR) requires a blowout prevention device if the temperature exceeds 
100  °C (Delahunty et  al. 2012). The maximum temperature recorded was 59.3  °C at 
1824  m, which was the greatest depth at which DOSECC measured the temperature. 
Because the DOSECC tool was never in true equilibrium with the ambient conditions, 
the maximum BHT measurement must be lower than the true equilibrium temperature 
at that depth.

Several methods have been developed for correcting BHT measurements. One of 
these (Förster 2001) employs a simple empirical correction based on the mean annual 
ground-surface temperature, the estimated amount of temperature correction at the 
maximum measurement depth, and the depth of the cross-over point between underes-
timated temperatures below it and overestimated temperatures above it caused by circu-
lation of drilling fluid. However, the BHT measurements have not been corrected using 
this, or any other, method because the two temperature logs have been used for deter-
mining the geothermal gradients.

Förster (2001) also estimates the average shut-in time necessary for thermal equilib-
rium to be achieved, which is approximately 1000 h (about 40 days) for wells < 2000 m 
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deep. Fortunately, the SMU and OSG temperature logs were obtained 97 and 153 to 
158 days after drilling had ceased, respectively. Consequently, it has been assumed that 
these two logs recorded equilibrated temperatures.

The OSG temperature log (Fig.  2) records a geothermal gradient of only 4.5  ºC/km 
above 950  m. The log records a sharp increase in temperature from 16.3  °C at 951  m 
depth to 23.1 °C at 970 m. The thermal gradient above 950 m is nearly isothermal. This 
behavior is indicative of downward fluid flow within the wellbore. Due to blockage in the 
hole, the OSG temperature log only reached a maximum depth of 1131 m, where a tem-
perature of 34.7 °C was measured, resulting in a thermal gradient from 970 to 1131 m 
of 72 °C/km. This gradient, when projected upward, intersects the shallower, nearly iso-
thermal gradient at approximately 860 m, suggesting that this may be where the bottom 
of the cold, freshwater SRPA, which suppresses the geothermal gradient at this location, 
lies.

The SMU temperature log (Fig. 2) reached a maximum depth of 1440 m and displayed 
a similar profile to the OSG log. Analysis of the temperature–depth curve shows the 
SRPA perturbing the geothermal gradient from 0 to 935 m. Below 1000 m, the tempera-
ture log has a nearly linear 10-m averaged gradient of 75 ± 12 °C/km. The high 1sigma 
within the gradient is likely an artifact of the high depth resolution of the temperature 
log, which introduces large gradient swings for minor changes in temperature. A 10-m 
average was applied to the gradient to remove some of this noise. The gradient varied 
from approximately 40 °C/km to greater than 100 °C/km even after the 10-m average was 
applied. When this higher gradient is projected upward, it also intersects the low, shal-
lower gradient at about 860 m. The temperature at TD (1912 m), projected downward, 
would be approximately 94 °C. The DOSECC BHT temperature data produce a similar 
average gradient, but had higher error and were not used for the subsequent heat-flow 
calculation. There are two major gradient spikes at about 970 and 1410 m (Fig. 2) that 
may indicate high permeability zones.

The SMU temperature data were combined with thermal conductivity measurements 
of core samples to calculate heat flow (Fig.  2). Core photographs were inspected and 
samples were chosen to represent major basalt flow units between 900 and 1900 m. In 
all, six rock samples were sent to SMU for thermal conductivity measurements. One 
sample broke; consequently, thermal conductivity was measured only once for three of 
the five rock samples, and only twice for the other two samples (Table 1). Thermal con-
ductivity decreases slightly from 1000 to 1900 m, which is likely related to the increase 
in thermal alteration with depth, although a drop in conductivity did not produce a 

Table 1 Thermal conductivity measurements from core

Depth (m) Thermal conductivity (W m−1 K−1) Number of sample runs

983 1.93 ± 0.00 2

1550 1.59 1

1807 1.60 1

1854 1.45 1

1902 1.09 ± 0.01 2
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statistically significant change in thermal gradient, suggesting that conductivity is rela-
tively constant throughout the measured section.

Samples at 983 and 1550 m were averaged to calculate a mean conductivity for the sec-
tion with a measured thermal gradient. The average gradient for the measured thermal 
regime is 1.76 ± 0.2 W  m−1  K−1. The thermal conductivity values below 1550 m were 
not used in the average conductivity because the thermal regime of this section is only 
characterized by BHT measurements, which show greater variability and potential error 
than the section above. The lower thermal conductivity measurements are expected to 
represent a change in rock properties, which would also be indicated in the temperature 
log through a change in the geothermal gradient, but there would be a constant heat flow 
throughout the well. Using the deeper thermal conductivity measurements would intro-
duce unnecessary error since there is not an equally deep equilibrium thermal gradient 
to use for heat flow calculation. The average heat flow is 132 ± 26 mW/m2 calculated 
using the thermal gradient from 1000 to 1400 m, and the average thermal conductivity 
for samples at 983 and 1550 m. This value is statistically the same as other deep wells in 
the SRP (Blackwell 1989), and is thus considered representative of background regional 
heat flow.

Water chemistry

The results of the field and chemical analyses of the two water samples are given in 
Table 2. KA-W is the sample from the 91-m deep water-supply well. KA-1 is the sample 
from the corehole at a depth of 1070 m. The temperature of the KA-1 sample is not rep-
resentative of the temperature at 1070 m due to the amount of time between when the 
sample was captured and when the temperature was measured at the surface. For this 
reason, the temperature logs will be used to analyze the temperature of the water in the 
corehole.

The pH values of the two water samples are similar, with both being mildly alkaline. 
However, the electrical conductivity (EC) in the corehole water is about three times 
greater than in the water-supply well. Furthermore, the KA-W sample is calcium–mag-
nesium–bicarbonate water, while the KA-1 sample is sodium–chloride water. These dif-
ferences are to be expected considering the depths from which the samples were taken.

The chemical analysis of the KA-1 water sample is also shown in two geothermal plots 
developed by Giggenbach (1988). The first discriminates between: (1) fully equilibrated 
(2) partially equilibrated, and (3) immature waters. The KA-1 sample plots on the bot-
tom line of being partially equilibrated (Fig.  3). The second technique developed by 
Giggenbach (1988) is to plot the chloride, sulfate, and bicarbonate concentrations on a 
triangular diagram. Acid, neutral chloride, and soda springs waters are the three broad 

Table 2 Results of  chemical analyses of  KA-W and  KA-1 water samples (all units in  mg/L 
unless otherwise noted)

Ion balance errors = 5.3% for KA‑W and 9.5% for KA‑1

Sample T (°C) EC (µS) pH Alkalinity Ca Mg Na K Cl SO4 SiO2

KA-W 15.8 336 7.71 160 25.0 12.7 16.5 3.60 13.1 22.1 60.9

KA-1 28.8 1060 8.17 120 21.1 3.21 284 10.3 315 306 158
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classification types. The KA-1 sample plots close to the neutral chloride/acid water 
boundary (Fig. 4).

Results of the stable isotopic analyses are displayed in Fig. 5. Comparison to the global 
meteoric water line (GMWL) (Craig 1961) shows that both samples plot very close to 
the GMWL. This indicates that both samples are meteoric waters. However, because 
sample KA-1 was taken from a relatively shallow depth, it may not be representative of 
deeper geothermal waters. Nonetheless, because a steel liner was inserted into the hole 
upon completion of the drilling, which became separated at 1440 m prior to sampling, it 
seems possible that the KA-1 sample may actually be representative of the water at that 
depth or at the bottom of the hole.

Geothermometers

Geothermometers are temperature indicators using temperature dependent geochemi-
cal and/or isotopic compositions of geothermal waters (Gupta and Roy 2007). All 
geothermometers have limitations. The following assumptions are made when using 
geothermometers: (1) the relevant hydrothermal minerals in the reservoir are in equi-
librium with the geothermal liquid; (2) the pore fluid pressure in the reservoir is fixed 
by coexistence of liquid and steam; (3) the geothermal liquid cools, either conductively 
or adiabatically, through steam separation at 100 °C; (4) the geothermal liquid does not 
mix with cold, shallow waters during the ascent towards the surface; (5) the geothermal 
liquid does not precipitate any relevant minerals along the upflow path (Marini 2004). 

Fig. 3 KA-1 and KA-W samples plotted on Giggenbach (1988) triangular graph
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Fig. 4 KA-1 and KA-W samples plotted on Giggenbach (1988) Cl,  SO4, and  HCO3 triangular graph

Fig. 5 Plot of deuterium and oxygen-18 for samples KA-1 and KA-W in comparison to the GMWL
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In most situations it is difficult to prove that these assumptions are met (Ferguson et al. 
2009).

A range of elemental geothermometers was applied to the KA-1 water sample: chal-
cedony and quartz (Fournier 1973, 1977), Na/K (Fournier 1979), Na/K (Giggenbach 
1988), Na–K–Ca (Fournier and Truesdell 1973), Na–K–Ca–Mg (Fournier and Potter 
1979), and  K2/Mg (Giggenbach 1988). The KA-1 water sample was not analyzed for Li, 
so geothermometers such as Na/Li and Mg/Li (Kharaka and Mariner 1989) could not be 
applied.

Equilibrium reservoir temperatures calculated for KA-1 are summarized in Table  3. 
Six of the seven geothermometers predict equilibrium temperatures above 125 °C. The 
quartz (Fournier 1977) and Na/K (Giggenbach 1988) geothermometers predict equilib-
rium temperatures above 160 °C. The Na–K–Ca (Fournier and Truesdell 1973) geother-
mometer provides a result of 139 °C. The KA-1 sample has a magnesium concentration 
of 3.21 mg/L (Table 2), and when the correction is applied (Fournier and Potter 1979) the 
estimated equilibrium temperature drops to only 125 °C. All of these geothermometers 
may have been affected by mixing with shallow groundwater from the SRPA due to the 
relatively shallow depth from which the sample was taken, so these temperatures might 
only reflect minimum reservoir temperatures for the underlying geothermal system.

Physical description of core

The core contains 557 flow units (Potter 2014). The unaltered basalts are a light gray, 
commonly diktytaxitic to intergranular textured, olivine tholeiites, very similar to the 
basalts at the INL described by Morse and McCurry (2002). Vesicles are concentrated 
just below the flow unit tops typically, but also form vesicle columns or trains locally. 
Phenocrysts of plagioclase and olivine exist within a fine-grained matrix of plagioclase, 
pyroxene, and glass. Phenocryst content ranges from about 10 to 20%, and vesicle con-
tent ranges from ≤ 5 to 50%. Most vesicles above 970 m do not contain authigenic min-
erals, although large irregular gas cavities, which are much larger than the surrounding 
vesicles, are commonly lined with calcite with or without quartz.

Below 970 m vesicles are commonly lined with calcite or smectite-group clay minerals 
(green-brown nontronite or blue saponite). Below 1200 m many vesicles are filled with 
either blue saponite or calcite plus quartz (with calcite lining the walls and quartz filling 
the interiors). Rare zeolite fillings were observed around 1400 m depth. The shallowest 
depth at which all vesicles are filled is 1042 m. The greatest depth at which open vesicles 
are observed is 1833 m.

The color of the core changes with depth. Fresh, unaltered basalts are gray in 
color, with a few reddish, oxidized zones. A rapid color change from gray to green or 

Table 3 Geothermometer calculations for KA-1 (all values in °C)

a Fournier (1977)
b Fournier (1979)
c Giggenbach (1988)
d Fournier and Truesdell (1973)
e Fournier and Potter (1979)

Sample Chalcedonya Quartza Na/Kb Na/Kc Na–K–Cad Na–K–Ca–Mge Kb/Mgc

KA-1 141 164 143 163 139 125 80.2
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Fig. 6 Core from 1009 to 1014 m. Basalts are still gray with open vesicles, and no authigenic minerals are 
present

Fig. 7 Core from 1025 to 1028 m. Basalts have a greenish tint as well as clay deposition and other secondary 
minerals filling vesicles and fractures
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red–brown occurs at about 1020 m (Figs. 6, 7). The deepest basalts (> 1800 m depth) are 
thoroughly altered to greenish black with red streaks.

X‑ray diffraction

Twenty-two whole-rock powders were analyzed using X-ray diffraction. The samples 
were chosen to avoid vesicle fillings and include only basalt groundmass. The shallow-
est occurrence of clay in the basalt groundmass is in the sample from 963 m; clay peaks 
are not present in any of the nine samples above 963 m. All seven samples below 1038 m 
have clay peaks present. Two of the five samples between 963 and 1038 m show a clay 
peak (at 969 and 972 m), while three do not (at 970, 995, and 1005 m).

Nine clay separate samples were analyzed using X-ray diffraction. Clay separate sam-
ples were taken starting at 1042 m because that is the approximate depth at which clays 
become abundant enough in the groundmass to collect a sufficient amount of material 
for X-ray analysis. The X-ray diffraction results indicate the presence of smectite clay in 
the core. The presence of smectite is expected because it has been found in basalts at 
the INL (Morse and McCurry 2002) and in Hawaiian basalts (Tomasson and Smarason 
1985), both of which are very similar geochemically to the basalts at Kimama.

Smectites from the core are both dioctahedral and trioctahedral. The NEWMOD 
modeling suggests that two of the samples (at 1234 and 1798 m) are dioctahedral smec-
tites. The samples from 1042, 1471, 1676, and 1829 m may also be interpreted as diocta-
hedral smectites. Dioctahedral clays are formed from weathering of potassium feldspars 
and are commonly found in sedimentary rocks. Sedimentary interbeds were observed 
a short distance from the samples from 1042 and 1234 m, so it is expected that they are 
dioctahedral.

X-ray diffraction data reveal that the sample from 1396 m is a trioctahedral smectite. 
The samples from 1084 and 1311 m may also be interpreted as trioctahedral smectites. 
Trioctahedral clays are derived from the weathering of mafic minerals, such as basaltic 
glass.

With increasing temperature, dioctahedral smectites convert to illite. Trioctahe-
dral clays convert to chlorite instead of illite with increasing temperature and pressure. 
Johnston (1983) suggests that the temperature at which dioctahedral smectite begins 
to become unstable and convert to illite is 90  °C. Six of the nine samples analyzed are 
interpreted as dioctahedral smectites. Also, smectites should become unstable at gen-
erally the same conditions whether they are dioctahedral or trioctahedral. Finally, no 
mixed-layer clays of smectite/illite or smectite/chlorite were observed. Therefore, the 
temperature since the formation of the smectite clays has remained below 90 °C. This is 
consistent with the maximum temperatures recorded for each of the three temperature 
logs, the highest of which was 59.3 °C for the DOSECC temperature tool, as well as the 
temperature at TD projected downward from the SMU temperature log of 94 °C.

Discussion
Three separate observations—the temperature logs, the physical characteristics of the 
core, and the mineralogical data from the X-ray diffraction analyses—all suggest that a 
major boundary between unaltered and altered basalts is present in the axial zone of 
the SRP at Kimama between about 860–970 m below the surface. First, the temperature 
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logs exhibit a sharp inflection point at around 960 m, with a near isothermal gradient of 
4.5 °C above 935–950 m and a conductive gradient of 72–75 °C below 970–980 m. This 
behavior is indicative of downward fluid flow in the wellbore, and projecting the higher 
gradients upward to their intersection with the lower gradient on the temperature logs 
places the bottom of the cold, freshwater SRPA at approximately 860 m.

Second, the basalts above 950 m show no signs of alteration. Between 970 and 1020 m, 
the core shows a gradational change from fresh to altered basalts. All basalts below 
1020  m show signs of alteration that become more significant with depth. Clays first 
begin to appear as vesicle linings around 950  m depth. The color of the core remains 
light gray, then changes abruptly at about 1020 m, where it becomes greenish–gray, and 
the vesicles begin to be filled with clay minerals (nontronite, saponite), calcite, quartz, 
and more rarely zeolites. Finally, mineralogical data from the X-ray diffraction analy-
ses suggest that the first signs of groundmass alteration occur at around 960 m with the 
appearance of smectite clays in the basalts.

All three observations point to clogging of the basalt pore spaces to create a natural 
boundary between the relatively fast moving, cold fresh water above 860 m depth, and 
little or no moving water below 970 m depth. Morse and McCurry (2002), Smith (2004), 
and McLing et al. (2016) have made similar observations at other locations on the ESRP, 
but at shallower depths. Based on these data, the base of the SRPA in the axial zone at 
Kimama is at least 860 m below the surface. This is 1.6–4.3 times greater than the esti-
mated base of the SRPA on the INL site (McLing et al. 2002, 2016; Morse and McCurry 
2002; Smith 2004).

Conclusions
The highest temperature recorded by DOSECC in the corehole was 59.3 °C at a depth of 
1824 m. The geothermal gradient was only 4.5 °C/km above 935 m, but increased dra-
matically to 72–75 °C/km below 980 m. Extrapolating this gradient, the projected tem-
perature at TD would be approximately 94  °C. This is consistent with the observation 
that the temperature since the formation of the smectite clays, the deepest sample of 
which was obtained from core at 1829 m, has remained below 90 °C. The suppression of 
the gradient above 860 m is due to the cold, fresh water of the SRPA (e.g., Smith 2004). 
Furthermore, the swelling smectite clays clog pore spaces in the basalts, creating a natu-
ral seal for rising thermal waters below the SRPA.

Results of the chemical analyses of the water samples show that there is a distinction 
between the deeper geothermal waters (KA-1) and the shallow SRPA water (KA-W). 
KA-1 is characterized as a sodium-chloride water, while KA-W is a calcium–magne-
sium-bicarbonate water. The stable isotopic compositions of KA-1 and KA-W indicate 
that they both are meteoric waters. If the geothermal waters are indeed meteoric, then 
they have moved down flow paths to these relatively great depths and have begun equili-
brating with the geothermal system.

Geothermometers suggest that the deeper waters mixed into the system reach higher 
temperatures than were actually recorded in the corehole. The Na–K–Ca geothermom-
eter (Fournier and Truesdell 1973) results in an estimate of 139 °C. However, this geo-
thermometer gives inconsistent results for temperatures below 200 °C (Paces 1975). 
Because the temperature is below 200 °C, the Na–K–Ca–Mg geothermometer (Fournier 
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and Potter 1979) should provide better results. This geothermometer gives an estimate 
of 125 °C, suggesting that there are magnesium reactions taking place which affect the 
geothermometer estimates.

The alteration boundary at 950 to 970 m could act as an effective cap or seal for a hot-
water geothermal system. Such a system ranges in water temperatures from 50 to 150 °C 
(Gupta and Roy 2007).

The geothermal resource in the axial zone of the ESRP warrants further exploration. 
Although it could be debated whether this resource is economically reasonable in this 
area, well depths in excess of 2 km should yield sufficiently high temperatures to cause 
the conversion of smectite clays to illite, which would enhance fluid flow. Furthermore, 
the same caliber of geothermal resources may be found closer to the surface along the 
margins of the ESRP where the aquifer is thinner, thereby decreasing the depth of drill-
ing and the initial cost of geothermal exploration.
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